A large perturbation in atmospheric CO 2 and O 2 or bioproductivity will result in a drastic pulse of 17 O change in atmospheric O 2 , as seen in the Marinoan Oxygen-17 Depletion (MOSD) event in the immediate aftermath of a global deglaciation 635 Mya. The exact nature of the perturbation, however, is debated. Here we constructed a coupled, four-box, and quick-response biosphereatmosphere model to examine both the steady state and dynamics of the MOSD event. Our model shows that the ultra-high CO 2 concentrations proposed by the "snowball' Earth hypothesis produce a typical MOSD duration of less than 10 6 y and a magnitude of 17 O depletion reaching approximately −35‰. Both numbers are in remarkable agreement with geological constraints from South China and Svalbard. Moderate CO 2 and low O 2 concentration (e.g., 3,200 parts per million by volume and 0.01 bar, respectively) could produce distinct sulfate 17 O depletion only if postglacial marine bioproductivity was impossibly low. Our dynamic model also suggests that a snowball in which the ocean is isolated from the atmosphere by a continuous ice cover may be distinguished from one in which cracks in the ice permit ocean-atmosphere exchange only if partial pressure of atmospheric O 2 is larger than 0.02 bar during the snowball period and records of weathering-derived sulfate are available for the very first few tens of thousands of years after the onset of the meltdown. In any case, a snowball Earth is a precondition for the observed MOSD event. (6), compared with the −0.34‰ in today's atmospheric O 2 (10). An ultra-high pCO 2 condition was proposed to explain this Marinoan Oxygen-17 Depletion (MOSD) event (3, 6), which is consistent with the "snowball" Earth hypothesis that argues for a completely icecovered globe lasting several million years (11, 12) . However, it is not known if there are other potential atmosphere-biosphere scenarios that might produce distinctively negative Δ 17 O O2 , such as a condition in which pCO 2 is moderate but pO 2 and/or biosphere O 2 flux are low, as proposed recently in an effort to reconcile organic and inorganic carbon isotope data from the postglacial cap carbonates (13). It therefore is imperative to examine the Δ 17 O O2 variability among geologically reasonable scenarios. Previous modeling studies on Δ 17 O O2 vary the ratio of pO 2 /pCO 2 , but with a fixed O 2 residence time, or focus on steady state without considering dynamic evolution of pO 2 , pCO 2 , or O 2 production fluxes (3, 13) or consider only minor Δ
O change in atmospheric O 2 , as seen in the Marinoan Oxygen-17 Depletion (MOSD) event in the immediate aftermath of a global deglaciation 635 Mya. The exact nature of the perturbation, however, is debated. Here we constructed a coupled, four-box, and quick-response biosphereatmosphere model to examine both the steady state and dynamics of the MOSD event. Our model shows that the ultra-high CO 2 concentrations proposed by the "snowball' Earth hypothesis produce a typical MOSD duration of less than 10 6 y and a magnitude of 17 O depletion reaching approximately −35‰. Both numbers are in remarkable agreement with geological constraints from South China and Svalbard. Moderate CO 2 and low O 2 concentration (e.g., 3 ,200 parts per million by volume and 0.01 bar, respectively) could produce distinct sulfate 17 O depletion only if postglacial marine bioproductivity was impossibly low. Our dynamic model also suggests that a snowball in which the ocean is isolated from the atmosphere by a continuous ice cover may be distinguished from one in which cracks in the ice permit ocean-atmosphere exchange only if partial pressure of atmospheric O 2 is larger than 0.02 bar during the snowball period and records of weathering-derived sulfate are available for the very first few tens of thousands of years after the onset of the meltdown. In any case, a snowball Earth is a precondition for the observed MOSD event.
non-mass-dependent | photochemical reaction | O 3 | postglacial cap carbonate | stratosphere A tmospheric O 2 carries non-mass-dependently depleted 17 O signatures owing to photochemical reaction involving O 3 , CO 2 , and O 2 in the stratosphere (1) (2) (3) (4) (5) . The magnitude of 17 O depletion in tropospheric O 2 is regulated largely by partial pressure of atmospheric CO 2 and O 2 (i.e., pCO 2 and pO 2 ) and biological O 2 production fluxes that determine the residence time of atmospheric O 2 (3, 6) . A geological record of non-massdependent 17 O anomaly in atmospheric O 2 , measured by Δ 17 O O2 (≡ δ 17 O − 0.52 × δ 18 O), can be registered in sulfate-bearing minerals (3, (6) (7) (8) (9) . Available data show that for the past 750 My, tropospheric O 2 has had a small magnitude of 17 O depletion, except for one unusual episode: the immediate aftermath of the Marinoan glacial meltdown at 635 Mya, when the Δ
17
O O2 probably reached values as negative as ∼−40‰ (6), compared with the −0.34‰ in today's atmospheric O 2 (10) . An ultra-high pCO 2 condition was proposed to explain this Marinoan Oxygen-17 Depletion (MOSD) event (3, 6) , which is consistent with the "snowball" Earth hypothesis that argues for a completely icecovered globe lasting several million years (11, 12) . However, it is not known if there are other potential atmosphere-biosphere scenarios that might produce distinctively negative Δ 17 O O2 , such as a condition in which pCO 2 is moderate but pO 2 and/or biosphere O 2 flux are low, as proposed recently in an effort to reconcile organic and inorganic carbon isotope data from the postglacial cap carbonates (13 (14) . In addition, a critical piece of information, the evolution of pO 2 before and after the meltdown of the most severe global glaciation in Earth history, was not considered in any previous modeling efforts. In this paper, we developed a four-box and quick-response model to explore the coupled O 2 -CO 2 system (Fig. S1 ). We do not need to assume an O 2 residence time for our model, which is in contrast to earlier studies (3, 13) in which a fixed modern-day O 2 residence time was used. Neither do we need to assume a constant Δ 17 O difference between stratospheric and tropospheric O 2 , as was done in Blunier et al. (14) . Our model construction allows us to study Δ 17 O O2 at steady state, as well as its dynamic evolution with different initial conditions.
Results and Discussion
When the coupled O 2 -CO 2 system approaches steady state, i.e., dX/dt = 0 for Eqs. 2-4 (Model), we have
where Φ(ρ), the difference of Δ 17 O between steady-state CO 2 and O 2 in O 2 -CO 2 -O 3 photochemical reaction, is a function of ρ (Table 1) , the ratio of pO 2 /pCO 2 ; τ is the residence time of atmospheric O 2 (≡ pO 2 /F op , and F op is oxygen production flux); and γ and θ reflect the stratosphere-troposphere exchange rate and the mixing efficiency in the stratosphere, respectively. The exchange rate may be accelerated by greenhouse effects (15, 16) . However, a previous study shows that upward mass flux in the tropical lower stratosphere will increase to only two times the present-day value when pCO 2 is raised by four times, and a further increase in pCO 2 would not increase the exchange rate (15) . Therefore, the enhancement of γ due to high pCO 2 should be limited. At a time when pO 2 < 10 −2 present atmospheric level (PAL), atmospheric temperature structure and O 3 concentration and distribution likely are different from the present ones (17, 18) , and the θ and γ would have a big uncertainty. It is difficult to reduce the uncertainty using photochemical models calibrated to the modern atmosphere. However, highly negative Δ
17
O O2 values are not expected for this low pO 2 time window because of the low pO 2 and high bioproductivity (see discussion below). Besides, the low pO 2 time window likely is short-lived and a geological record of it deemed sparse. Therefore, we use present-day values of the θ and γ in our model.
A general feature of our steady-state model shows that high pCO 2 and/or low bioproductivity will result in highly negative Δ 17 O O2 values, whereas the role of pO 2 is attenuated as a result of the opposite effects of ρ and τ on Δ
O O2 (Fig. 1 ). For example, given a modern-level ocean bioproductivity and a pO 2 of 0.036 bar in the late Neoproterozoic (19), pCO 2 would have to be higher than 19,000 parts per million by volume (ppmv) (or 0.019 bar) to achieve a Δ 17 O O2 value of −17‰ [ Fig. 1 ; RT (residence time) = 0.5 PV (present-day value)]. Similarly, if pCO 2 is set at a moderate level (e.g., 3,200 ppmv) with pO 2 at 0.01 bar, to achieve Δ 17 O O2 values of −17‰ to −42‰, a possible Δ 17 O O2 range at the aftermath of the Marinoan meltdown (6) (see discussion below), our model would require ocean productivity to be reduced by 80-97% or more at the onset of a global deglaciation.
However, this low-bioproductivity scenario goes against the commonly held view that ocean productivity would resume immediately and be higher, if not close to the present-day value, at the aftermath of a global deglaciation. There is evidence supporting a high phosphate influx from rock weathering during deglaciation (20, 21) , and phosphorus is known to control long-term primary productivity in global oceans (22) . Biomarkers from the cap dolostones also indicate a massive nutrient input at the aftermath of a global deglaciation (23) . Fluctuations in primary productivity may influence Zn isotope ratios because assimilatory uptake of Zn in the upper water column can fractionate its isotope (24) , and this can be recorded by carbonates (25) . Recent Zn isotope data in cap carbonates support an "immediate resumption" and "vigorous increase" of primary production after "snowball" Earth (26) . In addition, stable carbon isotope in carbonates (i.e., δ 13 C carb ) also can record major climatic and biological events in Earth history. An increase in δ 13 C carb often is associated with an increase in the burial fraction of organic carbon in the long-term carbon cycle (27) . A set of barite and carbonate stable isotope data from a post-Marinoan carbonate sequence in South China shows that the MOSD occurred at a time when δ 13 C carb was turning positive (9), consistent with the notion that the MOSD event was accompanied by high oceanic productivity and an increased organic burial rate. At present-day oceanic bioproductivity, a pCO 2 level at 3,200 ppmv in our model might conceivably produce a Δ 17 O O2 as negative as −5‰, a value barely recordable in geological sulfate (see discussion below), and therefore is not conducive to the observed MOSD event.
Given reasonable parameters with possible initial conditions, we can obtain the duration and magnitude of the MOSD event through a dynamic run of our model. Two different initial conditions were tested: isolated snowball Earth (no ocean-atmosphere exchange) (28) (29) (30) and crevassed snowball Earth (limited oceanatmosphere exchange permitted) (31) (32) (33) .
The isolated snowball scenario begins with no free atmospheric O 2 at the onset of glacial meltdown. The shutdown of biosphereatmosphere exchange during an isolated snowball Earth would result in the exhaustion, by reduced volcanic gas fluxes, of any remaining, pre-snowball, atmospheric O 2 within a few million years (34) (Fig. 2) . Based on our typical model parameters for an immediate post-Marinoan world, the initial pCO 2 has to be higher than 0.07 bar to achieve a Δ 17 O O2 value lower than −17‰, or 0.3 bar to achieve one as low as −35‰ (Fig.  S2) . In this typical scenario, if pCO 2 is at 0.1 bar initially (35) 
5 y (Fig. 2) .
In the crevassed scenario, with small-scale biosphereatmosphere-hydrosphere exchanges being possible, the atmosphere during snowball Earth may or may not have free O 2 . For the case in which the biological output of O 2 from cracks in the glacial ice cover is less than its consumption by reduced volcanic gases, free atmospheric O 2 would not be present, and our model's initial condition returns to the isolated snowball scenario. With sufficiently high O 2 bioproductivity, as determined by the location and area of ice-free open water, a certain steadystate concentration of atmospheric O 2 may be maintained. If pO 2 was at 0.002 bar, ocean productivity at 0.0005 times the current level, and pCO 2 was at 0.1 bar at the end of glaciation, the Δ 17 O O2 would reach −26‰ (Fig. 1) at the very beginning of the meltdown. However, our model shows that this distinctly negative O O2 quickly goes toward zero in less than a few hundred years as the result of high ocean productivity in postglacial oceans (Fig. 2) . Afterward, the duration and peak of the Δ 17 O O2 are indistinguishable from those of the isolated snowball scenario. The only scenario in which the Δ 17 O O2 starts and then remains highly negative during the postglacial world would be one in which the residual O 2 at the onset of meltdown had a Δ 17 O O2 <−30‰ and a pO 2 >0.02 bar. Whether such an initial condition was possible warrants further examination. However, to differentiate this scenario from the others, we would need a Δ
O record for weathering-derived sulfate from the first few 10 4 y after the onset of the meltdown (Fig. S3) 17 O anomaly (9) . The duration of the MOSD event is constrained by two radiometric dates from nearby sections that are correlated to the Wushanhu section via sedimentary features and the accompanied carbonate δ 13 C curves. The MOSD duration was determined to be less than 1 My, with most of the uncertainties coming from the radiometric dates themselves. This observed duration matches well with our modeled duration of 10 5 -10 6 y, thus also independently validating our model results.
Coupled Earth system dynamics, therefore, dictate that ultrahigh pCO 2 , symptomatic of a snowball Earth, is a required condition for the observed worldwide MOSD event.
Model
We construct a coupled geochemical model by considering reservoir sizes and fluxes of CO 2 and O 2 among land, ocean, the troposphere, and the stratosphere (SI Text, section 2). At the time scale of interest, we assume a quickly reached steady state between dissolved organic and inorganic carbon in ocean reservoirs and for gas exchange between the stratosphere and the troposphere. We then have a set of mass balance equations:
Here, F ob , F ow , F op , F sw , F vc , F redC , and F redH are fluxes of organic burial, organic weathering, O 2 production, silicate weathering, volcanic CO 2 , volcanic C-bearing reduced gases (e.g., CH 4 and CO), and volcanic non-C-bearing reduced gases (e.g., H 2 , H 2 S, and SO 2 ), respectively. F stO2 (≡ γ × O 2 ) is the stratospheretroposphere O 2 flux. Δ 17 O O2 and Δ 17 O strO2 are the 17 O anomaly of tropospheric and stratospheric O 2 , respectively. O 2 and CO 2 are the total content of O 2 and CO 2 in the troposphere, respectively. Sulfur cycle plays an important role in the atmospheric O 2 reservoir over Phanerozoic time (37, 38) . We, however, do not consider sulfur cycle effect here because the SO 4 2− reservoir remained small during the MOSD event, as indicated by the observed highly variable δ 34 S values of the seawater SO 4 2− at that time (7) . The key variables in the model are the various fluxes and Δ
17
O strO2 . In our typical model, F op , F vc , F redC , F redH , and γ are assumed to be constants, their values equal to their corresponding present ones ( Table 1 ). The uncertainties of this assumption have little influence on our conclusions, as discussed in SI Text, section 3.2 (Figs. S4 and S5 ). F ob , F ow , and F sw are functions of temperature, pO 2 , pCO 2 , sediment deposition rate, river discharge, land area, average land latitude, and others. Different authors have different expressions for them (38) (39) (40) (41) .
Integrating the relationships discussed above and applying ρ = F stO2 /F stCO2 , we have
Generally, Δ 17 O CO2 is far smaller than Φ(ρ) because CO 2 quickly reaches oxygen isotope equilibrium with ocean water (42) . Therefore, Eq. 7 may be simplified to
Eq. 8 shows that Δ 17 O strO2 is a function of Δ 17 O O2 , θ, and ρ (pO 2 /pCO 2 ). Unlike earlier studies in which the difference between Δ 17 O strO2 and Δ 17 O O2 was assumed to be constant (14) , here the difference is not necessarily constant, especially during a dynamic evolution of the coupled O 2 -CO 2 system at the aftermath of Marinoan meltdown.
Constraints of k ow , k sw , and k ob . The expressions for F ow , F sw , and F ob in our model are formulated via functions of pO 2 and pCO 2 and factors of k ow , k sw , and k ob (Table 1) , and the dependence of the model results on k ow , k sw , and k ob is tested by setting them to different values (Fig. 4) .
According to previous studies (40) , k ow should be less than or around 1 because of the smaller amount of organic material on land but the higher temperatures and erosion rate at the aftermath of Marinoan deglaciation compared with today. However, the model results of k ow = 1 are almost the same as the results of k ow < 1 (Fig. 4) . Therefore, we set k ow = 1 in our typical model parameters. When the erosion rate is low and pO 2 is high, the organic weathering flux may be independent of pO 2 (43); however, a high erosion rate and low pO 2 are expected at that time (19, 44) . k sw might vary from 0.17 to 6 depending on scenarios (44) , whereas k sw is 0.67 or greater according to Lasaga and Ohmoto (2002) (40) , because the land area at that time was about 0.67 times that of today's and the land was distributed preferentially around the equator (44) . Combining all these results, we use 0.7 for k sw in the post-Marinoan world. k ob , a parameter on organic burial flux, might have been higher than 5 if anoxic conditions were prevailing (19, 40) . However, organic burial flux also may be independent of O 2 content (45), and k ob might fall to less than 1 because of the smaller exposed land area or around 1 because of the higher temperature and erosion rate at that time (44) . If we set k ob = 5, pCO 2 would drop to an extremely low value (<2 ppmv) when approaching steady state, whereas k ob = 1 would produce a reasonable pCO 2 (>200 ppmv) after a model run. Therefore, except where specified, we set k ow , k sw , and k ob to 1, 0.7, and 1, respectively, in our typical model parameters to explore the dynamics of the O 2 -CO 2 coupled system at the onset of Marinoan meltdown.
In sum, our typical model is constructed of four boxes, three mass balance differential equations, and parameters that control the coupled dynamic evolution of pO 2 and pCO 2 . The parameters used for our typical model are summarized in Table 1 . We apply the classical definition of Δ 17 O O2 (≡ δ 17 O -0.52 × δ 18 O), which removes much of the messiness associated with the logarithmic forms of δ and Δ in the largely mixing problem with which we are dealing. We use a fixed number, 0.52, as the coefficient for all processes. This results in small Δ 17 O O2 deviations when the coefficient is slightly different from 0.52 for a particular process, and the deviation might become significant when there are extremely large oxygen isotope fractionations associated (46) . However, the deviations brought by the use of the classical Δ 17 O definition and the fixed coefficient 0.52 are too small to result in alternative interpretations of our modeled Δ 17 O O2 . If small variations in Δ 17 O O2 during glacial-interglacial periods are the focus, precise slope values and additional processes have to be considered, as was done in Blunier et al. (14) .
